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ABSTRACT

A fully coupled land—-ocean—atmosphere GCM is used to explore the biogeophysical impact of large-scale
deforestation on surface climate. By analyzing the model sensitivity to global-scale replacement of forests by
grassland, it is shown that the surface albedo increase owing to deforestation has a cooling effect of —1.36 K
globally. On the other hand, forest removal decreases evapotranspiration efficiency and decreases surface
roughness, both leading to a global surface warming of 0.24 and 0.29 K, respectively. The net biogeophysical
impact of deforestation results from the competition between these effects. Globally, the albedo effect is
dominant because of its wider-scale impact, and the net biogeophysical impact of deforestation is thus
a cooling of —1 K. Over land, the balance between the different processes varies with latitude. In temperate
and boreal zones of the Northern Hemisphere the albedo effect is stronger and deforestation thus induces
a cooling. Conversely, in the tropics the net impact of deforestation is a warming, because evapotranspiration
efficiency and surface roughness provide the dominant influence. The authors also explore the importance of
the ocean coupling in shaping the climate response to deforestation. First, the temperature over ocean re-
sponds to the land cover perturbation. Second, even the temperature change over land is greatly affected by
the ocean coupling. By assuming fixed oceanic conditions, the net effect of deforestation, averaged over all
land areas, is a warming, whereas taking into account the coupling with the ocean leads, on the contrary, to
anet land cooling. Furthermore, it is shown that the main parameter involved in the coupling with the ocean is
surface albedo. Indeed, a change in albedo modifies temperature and humidity in the whole troposphere, thus
enabling the initially land-confined perturbation to be transferred to the ocean. Finally, the radiative forcing
framework is discussed in the context of land cover change impact on climate. The experiments herein illustrate
that deforestation triggers two opposite types of forcing mechanisms—radiative forcing (owing to surface albedo
change) and nonradiative forcing (owing to change in evapotranspiration efficiency and surface roughness)—
that exhibit a similar magnitude globally. However, when applying the radiative forcing concept, nonradiative
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processes are ignored, which may lead to a misrepresentation of land cover change impact on climate.

1. Introduction

Land cover change can affect climate conditions
through both biogeochemical and biogeophysical pro-
cesses. This study focuses on the biogeophysical effect of
land cover change, arising from changes in the physical
properties of the land surface. Exchanges of radiation,
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water, heat, and momentum between the land and the
atmosphere are mediated by plants. Therefore, changes
in the vegetation cover can perturb these fluxes and hence
impact the climate.

Already 15%-30% of the natural forest cover has been
converted to pasture or cropland (Goldewijk 2001). His-
torically, the largest part of this conversion affected tem-
perate forests in Eurasia and North America (Ramankutty
and Foley 1999; Goldewijk 2001). Over the last decades,
however, the rate of deforestation strongly accelerated
in tropical regions and it is projected that a large part of
the tropical forest will be lost by the end of the twenty-
first century (Alcamo et al. 1994). Yet the biogeophysical
effect of these conversions is usually not included in
projections of future climate change. For instance, among
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the 23 climate models that participated in the Fourth
Assessment Report (AR4) of the Intergovernmental
Panel on Climate Change (IPCC), only three of them
included a transient land use forcing over the twentieth
and twenty-first centuries (Solomon et al. 2007). More-
over, afforestation or reforestation have been proposed
as a strategy to mitigate climate change, but the climate
benefit of such policies is still evaluated in terms of
carbon sequestration potential without considering bio-
geophysical implications (Nabuurs et al. 2007). There is
thus a growing need to advance our understanding of
the biogeophysical impact of land cover change, first to
improve projections of climate change trajectory and
second to address more exhaustively the potential of
afforestation or reforestation to mitigate climate change.

Indications that land cover change can affect global or
regional climate through biogeophysical processes have
been progressively gained from various studies using
climate model simulations. Historical deforestation at
midlatitudes may have cooled Northern Hemisphere
climate (e.g., Brovkin et al. 1999; Bonan 1997; Betts 2001;
Govindasamy et al. 2001; Bounoua et al. 2002; Feddema
et al. 2005b; Brovkin et al. 2006) because of the associ-
ated increase in surface albedo. On the other hand, it is
suggested that possible future removal of tropical for-
ests could lead to a locally warmer and drier climate
(e.g., Dickinson and Henderson-Sellers 1988; Lean and
Warrilow 1989; Nobre et al. 1991; Henderson-Sellers
etal. 1993; Lean and Rowntree 1997; DeFries et al. 2002;
Feddema et al. 2005a) because of reduced evapotrans-
piration rates. In light of these two types of experiments
one can see the emergence of a paradox: deforestation at
different latitudes may have a different impact. This
paradox becomes even more apparent in more concep-
tual experiments contrasting the impact of deforesta-
tion in different range of latitudes (Claussen et al. 2001;
Snyder et al. 2004; Gibbard et al. 2005; Bala et al. 2007).
For instance, Claussen et al. (2001) used a climate sys-
tem model of intermediate complexity to investigate the
biogeophysical impact of a complete deforestation in the
belt 50°-60°N and alternatively in the belt 10°S—0°. They
found that boreal deforestation leads to a surface cool-
ing, while, on the contrary, tropical deforestation pro-
duces a warming of the deforested region and a slight
cooling elsewhere. It has been suggested that change in
radiation (through change in surface albedo) is the
dominant influence at high latitudes, while the hydro-
logical cycle (i.e., change in evapotranspiration rates)
plays a more prominent role in the tropics (Claussen
et al. 2001; Pielke et al. 2002; Bala et al. 2007; Betts et al.
2007; Bonan 2008). However, the relative importance
of these different processes has never been quantified,
thus preventing a comprehensive understanding of the
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overall biogeophysical effect of deforestation at differ-
ent latitudes.

Therefore, the main goal of this study is to assess the
role of individual processes (i.e., change in surface albedo,
evapotranspiration efficiency, and surface roughness) in
shaping the global and local biogeophysical impact of
deforestation, with emphasis on surface temperature. We
compare the climate of a maximally forested world with
the climate of a completely deforested world, where trees
are replaced by grasses. This extreme scenario does not
aim to represent a realistic land cover perturbation; in-
stead it allows us to compare the effect of deforestation
at different locations with homogeneous deforestation
rates. While statistical significance is often an issue when
analyzing land cover change experiments, such a large
perturbation also offers the advantage of obtaining a sig-
nal that largely overtakes internal variability. To quantify
the relative importance of the individual factors involved
in the net biogeophysical effect of deforestation, we per-
form additional experiments in which those factors are
considered separately.

Furthermore, most of the previous land cover change
experiments have been using climate models of inter-
mediate complexity or atmospheric models without ex-
plicit representation of the ocean. In this study we use
a fully coupled land-ocean—atmosphere GCM that en-
ables us to address the impact of deforestation in a more
comprehensive manner. In particular, we investigate how
the climate sensitivity to deforestation is influenced by
ocean—atmosphere coupling.

2. Model and experiments

We use the Institut Pierre-Simon Laplace (IPSL)
climate model (Marti et al. 2005), which couples the
Laboratoire de Météorologie Dynamique (LMDZA4)
atmospheric GCM (Hourdin et al. 2006) with the Océan
Parallélisé (OPA) ocean GCM (Madec et al. 1998), the
Louvain-la-Neuve Sea Ice Model (LIM; Fichefet and
Maqueda 1997), and the Organizing Carbon and Hy-
drology in Dynamic Ecosystems (ORCHIDEE) land
surface model (Krinner et al. 2005). No flux adjustments
are used in the coupling of these models. The atmospheric
model is run at a resolution of 3.75° X 2.5° with 19 vertical
levels in the atmosphere. The ocean has 31 vertical levels
and a horizontal resolution of about 2° with higher lat-
itudinal resolution of roughly 0.5° in the equatorial ocean.
The ORCHIDEE land surface scheme describes both
biogeophysical and biogeochemical processes in the bio-
sphere. The vegetation phenology is not prescribed and
leaf area index (LAI) is computed, for each of the 12 plant
functional types (PFT) distinguished by ORCHIDEE,
from photosynthetic activity and carbon allocation to the



1 JANUARY 2010

DAVIN AND NOBLET-DUCOUDRE

99

80°N —|

40°s - |

| B tropical broadleaf evergreen
W tropical broadleaf raingreen
B B temperate needleleaf evergreen
[~ Bl temperate broadleaf evergreen
| [ temperate broadleaf summergreen
O boreal needleleaf evergreen

M boreal broadleaf summergreen

[~ M boreal needleleaf summergreen

100°W o°

100°E

FIG. 1. Land cover map prescribed in simulation FOREST.

vegetation compartments. The LAI is then used for the
calculation of key variables such as surface albedo, sur-
face roughness, and canopy conductance.

To evaluate the impact of global-scale deforestation
we contrast a maximally forested world and a completely
deforested world. The vegetation map representing the
maximally forested world (Fig. 1) was constructed by
modifying the standard present-day land cover map
used by ORCHIDEE (Loveland et al. 2000). For each
grid cell the dominant tree type in the present-day map
was expanded so that it occupied 100% of the grid cell.
In grid cells where no tree type is present in the map, we
used the tree type found in the nearest grid cell. Grid
points having more than 80% of bare soil were kept
unchanged and the fraction of glaciers was not changed
too. This was done to avoid placing forests in desert
regions where they would not be able to maintain re-
alistic productivity and leaf area. For the vegetation map
representing the deforested world, we simply replaced
the trees present in the first map by grassland. The
partitioning of grass into C3 and C4 types was done by
examining the climatic envelop that is more appropriate
to C3 or C4 plants as defined within the Lund Postdam
Jena (LPJ) model (Sitch et al. 2003).

We then perform two experiments with the IPSL
model. In the first experiment (referred to as FOREST)
the land cover map representing the forested world
is prescribed. The second experiment (referred to as
GRASS) uses the land cover map representing the
completely deforested world.

To help understand the physical mechanisms behind
the overall climate response to deforestation, we per-
form three additional experiments in which we only
consider the effect owing to surface albedo (simulation
ALB), surface roughness (simulation RGH), and evapo-

transpiration efficiency (simulation EVA), respectively.
The experimental design for these simulations is as fol-
lows. Simulation ALB has the same setup as simulation
FOREST except for the surface albedo calculation,
which assumes a grass cover. Similarly, simulation RGH
has the same setup as simulation FOREST except for
the surface roughness calculation, which assumes a grass
cover. Finally, for simulation EVA a slightly different
strategy was used since it is not straightforward to per-
turb directly the relevant parameters. Indeed, evapo-
transpiration efficiency, which represents the ability of
the vegetation to transfer water from the soil to the
atmosphere, involves various parameters (e.g., rooting
depth, canopy water holding capacity, photosynthesis,
and stomatal conductance); most of them calculated dy-
namically in the model. Therefore, we isolate this effect
indirectly by acting on both surface albedo and surface
roughness calculations. Simulation EVA has thus the
same setup as simulation GRASS, except that the sur-
face albedo and surface roughness calculations assume
a forest cover. This way the albedo and roughness char-
acteristics in simulation EVA are consistent with a forest
cover, while the rest (which we define as evapotranspi-
ration efficiency) is consistent with a grass cover. (Note
that change in evapotranspiration can already occur
through changes in surface albedo or surface roughness,
meaning that the pure hydrological effect of deforesta-
tion, which simulation EVA isolates, is only related to
change in the partitioning between evapotranspiration
and sensible heat flux.)

All simulations were initialized from an existing pre-
industrial control run and have constant greenhouse gas
(GHG) concentrations fixed at preindustrial values. To
let the model reach a quasi-equilibrium state we run all
simulations for 60 years and we then run 50 additional
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FIG. 2. Zonally averaged summer (JJA) LAI for simulations FOREST and GRASS.

years used for analysis. Over the period of analysis all
the simulations are fairly stable. For instance, simulation
FOREST has a global temperature drift of only 0.04 K
over the last 50 years.

3. Results
a. Overall biogeophysical impact of deforestation

To give a feeling of the importance of the land cover
perturbation imposed in our experiments, we examine
the change in LAI, which is a key variable influencing
radiation fluxes, water exchanges, and aerodynamic
properties of the boundary layer. Figure 2 compares the
summer LAI simulated in experiment FOREST and in
experiment GRASS. Generally, LAI is higher in tem-
perate and tropical regions compared to the subtropics
(where vegetation is sparser and less productive). The
LAI decreases at every latitude when forest is replaced
by grassland. This decrease is more drastic in the tropics
where the initial LAI of the tropical forest is higher than
elsewhere. Conversely, the change in LAl is limited in the
subtropics where LAI is already low in the control case.

The land cover perturbation imposed in our experi-
ments is spatially homogeneous in the sense that trees are
replaced by grass everywhere on land. Despite this ho-
mogeneity, the annual mean surface temperature change
in simulation GRASS compared to simulation FOREST
(Fig. 3a) varies strongly across regions, in both magni-
tude and sign. A substantial cooling of northern high and

midlatitudes as well as of most parts of the oceans fol-
lows deforestation. Poleward of 40°N, the cooling is as
large as 4 K or more. On the contrary, tropical regions,
in particular South America, the southern part of Africa,
and South Asia, are subjected to a substantial warming.
Over Amazonia, for instance, surface climate warms by
about 1 K or more in response to forest removal. Glob-
ally, the net effect of deforestation is a surface cooling of
1 K, as indicated in Table 1.

Hence, one of the most striking features arising from
these experiments is the strong latitudinal dependency
of the climate response to deforestation. This points to
the contradicting climatic role of temperate and boreal
forests versus tropical forests. As stated in the introduc-
tion, this paradox also emerges from the existing litera-
ture. In that respect, our results are in line with previous
findings. However, the underlying mechanisms behind this
paradox are still unclear. Therefore, the goal of the anal-
ysis proposed in the next sections is to provide a basis for
a better understanding of this result. Additionally, another
striking result is the ocean cooling after deforestation,
which will also be further investigated in the following.

b. Influence of the individual vegetation
characteristics
1) SURFACE ALBEDO

The difference between simulation ALB and simula-
tion FOREST highlights the role of albedo change when
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FIG. 3. Annual mean surface temperature change (K) in (a) simulation GRASS, (b) simulation ALB, (c) simulation EVA, and
(d) simulation RGH, relative to simulation FOREST.

replacing forest by grass. Overall, deforestation produces
a strong cooling through change in surface albedo. The
annual mean global cooling in simulation ALB com-
pared to simulation FOREST reaches 1.36 K (Table 1).

The spatial pattern of the surface temperature re-
sponse (Fig. 3b) shows a stronger cooling at northern
high latitudes (above 4 K) compared to low latitudes
(cooling around 1 K). This “‘polar amplification” pat-
tern s a classical feature also arising from GHG-induced
climate change (Solomon et al. 2007) and reflecting the
existence of stronger positive feedback mechanisms
near the pole. However, in the case of land cover change
both the distribution of the forcing and of the feedbacks
tend to enhance the response near the pole. Figure 4
shows the annual mean change in surface albedo between
simulations ALB and simulation FOREST. Conversion
from forest to grass leads to higher land albedo and
consequently decreases absorbed solar radiation at the
surface and hence temperature. In tropical regions, the
change in albedo does not exceed 10%, while at northern

mid- and high latitudes changes are much more pro-
nounced. This relates to the fact that the albedo differ-
ence between trees and grassland is magnified by the
presence of snow (e.g., Betts 2000, 2001). Additionally,
the initial albedo increase is further amplified in these
regions by the snow—albedo feedback with snow being
more abundant and persistent under colder conditions.

Furthermore, it is interesting to note that the surface
cooling is transferred to the ocean, even though the

TABLE 1. Annual mean change in surface temperature (A7) and
in net radiation at the top of the atmosphere (AR) in the different
simulations with respect to simulation FOREST. Changes in net
radiation are averaged over the first 10 years of simulation.

AT, AR
K W m 2
GRASS-FOREST —-1.00 -1.07
ALB-FOREST -1.36 -1.27
EVA-FOREST 0.24 0.02
RGH-FOREST 0.29 0.04
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FIG. 4. Annual mean surface albedo change in simulation ALB relative to simulation FOREST.

albedo perturbation occurs only on land. This result will
be further discussed in section 3d.

2) EVAPORATION EFFICIENCY

The effect of deforestation through change in evapo-
ration efficiency is emphasized in simulation EVA.
Globally, we find that this effect increases surface tem-
perature by 0.24 K in simulation EVA compared to
simulation FOREST (Table 1). Compared to the albedo
effect, the evapotranspiration efficiency effect is thus of
opposite sign.

The geographical distribution of the annual mean sur-
face temperature change is shown in Fig. 3c. The surface
warming is around 1 K in North America and the western
part of Eurasia. It is well above 1 K in tropical regions
such as Amazonia, the south part of Africa, and South-
east Asia. The temperature response exhibits no polar
amplification pattern and no remote impact on oceanic
regions.

Compared to grass, trees are generally more efficient
in transferring water from the soil to the atmosphere
because of their deeper roots and larger leaf area. For
a given amount of solar energy available at the surface,
forest thus tends to maintain a cooler surface temper-
ature by releasing more energy in the form of latent
heat. Hence, conversion from forest to grass tends to
warm the surface through this effect. To illustrate this

mechanism and its seasonality, Fig. 5 presents the sur-
face temperature anomaly and the associated change
in evapotranspiration for winter [December—February
(DJF)] and summer [June-August (JJA)]. For both sea-
sons, the distribution of positive temperature anomalies
is well correlated with lower evapotranspiration rates.
The rationale of this correlation is that the reduction
in evapotranspiration has to be compensated by an in-
crease in surface temperature and sensible heat. In some
locations, especially in Siberia during summer, the sur-
face temperature rise cannot be directly attributed to
evapotranspiration change but is more likely due to the
amplification of the initial warming by the snow-albedo
feedback. In the tropics, the evapotranspiration decrease
and thus temperature rise are larger during the dry season
(DJF for north Amazonia, West Africa, and Southeast
Asia; JJA for south Amazonia and South Africa). This
result is in line with site measurements in south Ama-
zonia, indicating that the largest evapotranspiration dif-
ference between forest and grassland occurs during the
dry season (von Randow et al. 2004). Indeed, during dry
conditions, trees can maintain a large uptake of water
thanks to their deep roots, while grasses are more strongly
subjected to water limitation. Temperate regions (mainly
North America and Europe) are affected almost exclu-
sively in summer, with evapotranspiration being strongly
reduced and temperature being increased. There is not
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FIG. 5. Change in surface temperature (K) and in evapotranspiration (contours every 0.5 mm day ', with dashed line for negative values)
in simulation EVA compared to simulation FOREST for (a) DJF and (b) JJA.

such effect in winter since evapotranspiration is weak
during this season and since summer green trees shed
their leaves so that they cannot transpire more than
grass.

3) SURFACE ROUGHNESS

Possible impact of land cover change on climate
through change in surface roughness is largely unknown.
Conversion from forest to grassland tends to reduce the
roughness of the landscape and thus to reduce the tur-
bulence in the boundary layer. However, it is not trivial
to predict conceptually the effect that this reduction may
have on surface temperature. Indeed, the reduction of
heat and water vapor transport associated with reduced
turbulence may be compensated by greater gradients of
humidity and temperature between the surface and the
atmosphere (Sud et al. 1988).

We find that change in surface roughness, emphasized
in simulation RGH, warms the surface by 0.29 K globally
(Table 1). Figure 3d indicates that this surface warming
is around 1 K over most land areas and is even more
pronounced in the tropics. Change in surface roughness
has thus a similar effect than change in evapotranspira-
tion efficiency, characterized by a surface warming re-
stricted to land.

To understand the mechanism behind this effect we
further examine the seasonality of the change in rough-
ness, surface fluxes, and temperature. The change in sur-
face roughness for winter and summer is shown in Fig. 6.
Conversion from forest to grassland leads to lower sur-
face roughness. This reduction is larger in the tropics
because tropical forest is taller and has a larger LAI

than other forests. Moreover, the reduction in surface
roughness is almost constant over the year in tropical
regions, whereas at higher latitudes the change is more
pronounced in summer than in winter because of the
larger seasonal cycle of the LAI. The surface tempera-
ture change for winter and summer is shown in Fig. 7
along with the change in turbulent fluxes (i.e., the sum of
sensible heat flux and latent heat flux). It appears that
there is a very tight link between the surface tempera-
ture increase and the decrease in turbulent fluxes, at
least for tropical regions and also for temperate regions
during summer. Indeed, reduced surface roughness leads
to weaker turbulent exchanges. Since the energy avail-
able at the surface cannot be transferred to the atmo-
sphere through turbulent fluxes, the surface tends to
warm. Ultimately, surface temperature increase implies
that more energy is transferred in the form of outgoing
longwave radiation. This can be checked by examining
the change in the radiative fluxes at the surface. Figure 8
indeed indicates an increase in outgoing longwave ra-
diation over land at most latitudes. It can also be seen
from Fig. 8 that this increase in outgoing longwave flux
cannot be explained by any change in net solar radiation
or in incoming longwave radiation. Instead, the change
in outgoing longwave radiation is directly linked to the
reduction of turbulent fluxes.

This result is consistent with observations of the sur-
face energy balance over forest and pasture sites in
Amazonia, where upward longwave radiation was found
to be on average 13.2% higher over pasture because of
reduced turbulent exchanges (Culf et al. 1996, their
Table 10). Our results is also in line with the regional
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FIG. 6. Change in surface roughness length (m) in simulation RGH relative to simulation FOREST for (a) DJF and (b) JJA.

studies from Lean and Warrilow (1989) and Lean et al.
(1996), who found that reduction in surface roughness
owing to Amazonian deforestation has a strong warming
influence in their atmospheric model.

c. Contribution of the individual processes to the
net biogeophysical effect

The net biogeophysical effect of deforestation can be
viewed as the combination of the individual effects de-
scribed in the previous section. Combining these effects

a)

-6 -5 —4 -3 -2

linearly (i.e., summing the surface temperature change
due to surface albedo, evapotranspiration efficiency, and
surface roughness as ALB-FOREST + EVA-FOREST +
RGH-FOREST) leads to the reconstructed surface tem-
perature change shown in Fig. 9b. Strikingly, this re-
constructed signal is in strong agreement with the actual
net biogeophysical effect of deforestation deduced from
GRASS-FOREST (Fig. 9a). The agreement, however, is
not perfect because of the existence of nonlinear in-
teractions between the individual effects. It is possible to

-1-0505 1 2 3 4 5 6

FIG. 7. Change in surface temperature (K) and in turbulent heat flux (sum of latent and sensible heat; contours every 10 W m ™2, with
dashed line for negative values) in simulation RGH compared to simulation FOREST for (a) DJF and (b) JJA.
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toward the atmosphere.

quantify this nonlinear term as the residual between the
reconstructed signal and the overall net biogeophysical
effect, that is, (ALB-FOREST + EVA-FOREST +
RGH-FOREST) — (GRASS-FOREST).

Having now determined the complete set of factors
contributing to the overall biogeophysical effect of de-
forestation (namely, surface albedo change, change in
evapotranspiration efficiency, change in surface rough-
ness, and nonlinear interactions between the previous
processes), it becomes possible to address how much
each of these factors contribute to the overall signal due

a) GRASS—FOREST

80°N

40°N

40°s

80°S

to deforestation. The top panels in Figs. 10a,b show
the zonally and annually averaged surface temperature
difference between simulation GRASS and simulation
FOREST. The bottom panels in Figs. 10a,b give the de-
composition of this signal with respect to the four above-
mentioned factors. (Note that combining linearly these
different terms enables to retrieve the net biogeophysical
signal.)

When considering only the surface temperature change
occurring over deforested areas (Fig. 10a), it appears
that conversion from forest to grassland leads to a
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FI1G. 9. Change in annual mean surface temperature (K) (a) in simulation GRASS relative to simulation FOREST and (b) reconstructed as
the sum of the effects of change in albedo, evapotranspiration efficiency, and roughness.
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surface warming of 0.5-1 K in the tropics (between
20°S and 20°N). This is because the effects of evapo-
transpiration efficiency and surface roughness dominate
the temperature signal, although albedo change partly
offsets the surface warming. In contrast, beyond 30°N
the net biogeophysical effect of deforestation is a cool-
ing of climate of up to 3-4 K at highest latitudes. Indeed,
the magnitude of the albedo effect increases with lati-
tude, while the influence of evapotranspiration effi-
ciency and surface roughness tends to vanish at high
latitudes. Albedo change is thus the dominant factor in
temperate and boreal regions. Between 20°N and 30°N
and also beyond 20°S deforestation has no significant
impact because the individual effects offset each other.

In addition to these annual mean results, we note that
there are relatively few seasonal variations in the effect
of deforestation (not shown). In the tropics, the individual
factors and thus the net effect of deforestation remain
roughly constant throughout the year. In temperate and
boreal regions, the net cooling associated with defores-
tation is only slightly lower in summer compared to winter
(=19 K for JJA versus —2.4 K for DJF, averaged over
land beyond 30°N) because of the seasonality of evapo-
transpiration efficiency and surface roughness effects (as
shown in Figs. 5 and 7). On the other hand, the albedo
effect remains strong in summer in our experiments, thus
sustaining the net cooling throughout the year. Since al-
bedo forcing is enhanced in the presence of snow, one
may expect a larger impact in winter. However, Bonan
etal. (1992) already noted that the winter—spring cooling
caused by boreal deforestation in a coupled ocean—
atmosphere model can be perpetuated year-round be-
cause of the combination of the sea ice feedback and the
thermal lag introduced by the ocean.

When considering the surface temperature change in-
tegrated over both land and ocean (Fig. 10b), the net
effect of deforestation becomes a cooling at every lati-
tudes. It can be seen on the bottom panel of Fig. 10b that
this is because the albedo effect dominates the temper-
ature signal even at low latitudes. This means that al-
bedo change has a wider-scale influence in contrast to
the other factors. Regionally, the albedo effect can be
masked by the warming effect in deforested areas, but
at a larger scale it dominates the temperature signal.
The mechanism behind this result is explored in the next
section.

d. Importance of the ocean response

Among the previous studies that examined the cli-
matic impact of land cover change, very few have been
using coupled ocean—atmosphere models. Therefore,
little is known about the potential feedbacks associated
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with the oceanic response to perturbation of land sur-
face parameters. Based on our experiments, we found
that the ocean surface experienced a pronounced cool-
ing in response to deforestation (see Fig. 3a).

To understand why deforestation leads to an ocean
cooling, we need to examine how the perturbation due
to deforestation is transferred from the land to the
ocean through atmospheric processes. Figure 11 shows
the global mean changes in temperature and specific
humidity throughout the atmosphere for the different
simulations with respect to simulation FOREST. Com-
paring simulation GRASS with simulation FOREST,
it appears that deforestation leads globally to a tropo-
spheric cooling (Fig. 11a). The temperature across the
whole troposphere is indeed reduced by more than 1 K.
Furthermore, this tropospheric cooling is associated with
a decrease in water vapor content (Fig. 11b). Cooler and
drier air in the troposphere, in turn, means less longwave
radiation transmitted from the atmosphere to the ocean
surface. Consequently, less energy is absorbed at the
ocean surface, thus explaining the decrease in sea sur-
face temperatures.

Examination of the effect of the individual surface
parameters is necessary to clarify the origin of this over-
all response. First, focusing on evapotranspiration effi-
ciency and surface roughness, it appears that change in
these parameters only has a very limited impact on tro-
pospheric temperatures and humidity (Figs. 11a,b). In-
fluence of deforestation through these parameters is
confined to the near-surface air and does not extend
higher in the atmosphere. Consequently the associated
perturbation cannot be transferred from the land to the
ocean and almost no impact on ocean temperatures is
observed (see Figs. 3c,d). The only parameter whose ef-
fect largely extends beyond the boundary layer is surface
albedo. In fact, most of the reduction in tropospheric
temperatures and humidity is related to the change
in surface albedo following deforestation. Indeed, the
change in tropospheric temperatures and humidity is
almost identical in simulation ALB and in simulation
GRASS (Figs. 11a,b). By increasing surface albedo,
deforestation reduces absorption of solar energy by
the surface. Consequently, less energy (both heat and
radiation) can be transferred from the surface to the
atmosphere, leading to a tropospheric cooling and dry-
ing, which finally leads to an ocean cooling.

This result contrasts with that obtained by (Betts 1999),
who found only small changes in ocean surface temper-
ature in a global deforestation experiment with a coupled
ocean—-atmosphere model. Several aspects may explain
their different result. First, the vegetation perturbation
they imposed (current vegetation converted to bare
soil) differs from ours. Moreover, their model used flux
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FIG. 11. Global mean change in (a) temperature and (b) specific humidity in the atmosphere for the different simulations relative to
simulation FOREST.

adjustments whereas our model does not. However, the
reason most likely to explain differences is that the sur-
face albedo increase due to deforestation is compensated
by a decrease in cloud cover in their experiment, thus
limiting the earth’s radiative imbalance. This particu-
larly highlights the potential importance of cloud pro-
cesses in the uncertainty associated with climatic impact
of deforestation.

That said, our result is in agreement with several pre-
vious studies with respect to the ocean response (Bonan
et al. 1992; Claussen et al. 2001; Delire et al. 2001;
Ganopolski et al. 2001). For instance, using a model
of intermediate complexity, Claussen et al. (2001) also
found that deforestation (particularly in the tropics) can
lead to an ocean cooling. Our findings thus reinforce
their conclusion, but provide a different explanation con-
cerning the underlying mechanism. Claussen et al. (2001)
hypothesized that the ocean cooling arises from the re-
duction of evapotranspiration following deforestation
(less evapotranspiration translating to less atmospheric
water vapor and thus reduced atmospheric radiation down
to the ocean). Instead, our experimental setup allows us
to conclude that the change in surface albedo is the
initial mechanism leading to the ocean cooling.

A striking feature in our experiments is that defores-
tation impacts climate at a large scale, in particular by
cooling down the ocean surface, even though the initial
perturbation is confined to land areas. Conversely, one
can also expect that change in oceanic conditions may
in turn feedback on the land surface temperature. To
investigate this hypothesis, we perform an additional
simulation with the IPSL model. This simulation has the
same setup as simulation GRASS except for the ocean
model, which is deactivated and replaced by prescribed

sea surface temperatures and sea ice distribution. The
sea surface temperatures and sea ice data are taken
from the simulation FOREST, so that comparing this
simulation with simulation FOREST illustrates the bio-
geophysical impact of deforestation under fixed oceanic
conditions. The annual mean change in surface tem-
perature, zonally averaged over land areas, is shown in
Fig. 12. Experiments with calculated SSTs or with pre-
scribed SSTs give a qualitatively similar picture in the
sense that they both indicate that deforestation has
a warming influence at low latitudes and a cooling in-
fluence at higher latitudes. However, the magnitude of
the temperature change largely differs between the two
cases. If ocean feedbacks are not taken into account,
the surface warming is overestimated by more than 1 K
in the tropics and the Northern Hemisphere cooling is
underestimated by about 2 K. In other words, inter-
actions with the ocean provide a positive feedback in
regions where albedo change is the dominant influence.
In other regions (essentially in the tropics), interactions
with the ocean act as a negative feedback by dampening
the temperature increase over land. Finally, a good way
to illustrate the importance of the ocean coupling is to
examine the averaged land surface temperature change.
Considering fixed oceanic conditions, global defores-
tation produces an annual mean land warming of 0.5 K.
Including the coupling with the ocean leads to a land
temperature change of opposite sign (a land cooling of
1.1 K).

e. Radiative versus nonradiative forcings

Converting forest to grass triggers two competing ef-
fects: a cooling effect due to the increase in surface albedo
and a warming effect due to both evapotranspiration
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efficiency and surface roughness decrease. Besides their
opposite sign, these two competing effects can also be
opposed on the ground of their physical nature. It is
known, for instance, that change in surface albedo mod-
ifies temperature by directly altering the earth’s radiative
balance. On the other hand, it is not clear whether change
in evapotranspiration efficiency and surface roughness
implies any perturbation of the earth’s radiative bal-
ance. One can argue that, since these effects involve
change in evapotranspiration, they can modify the water
vapor content of the atmosphere and thus produce a di-
rect radiative perturbation (Claussen et al. 2001). How-
ever, recent radiative forcing estimates (Davin et al. 2007)
suggest that the radiative impact of changing evapotrans-
piration is likely to be small compared to the radiative
forcing exerted by albedo change. Therefore, we suggest
that climatic impact of deforestation through change in
evapotranspiration efficiency and surface roughness is
essentially a nonradiative effect.

This hypothesis can be verified by examining the
change in the radiative budget at the top of the atmo-
sphere in the different experiments. Table 1 lists the
change in net radiation averaged over the first 10 years
for each simulation with respect to simulation FOREST.
Although it should not be viewed as an actual radiative
forcing estimate, it gives a good sense of the magnitude
of the radiative perturbation imposed in the experiments.
Change in surface albedo produces a strong radiative
imbalance of —1.27 W m™“ in simulation ALB relative

to simulation FOREST. This imbalance has to be com-
pensated by a temperature decrease. Interestingly, the
ratio between the quasi-equilibrium surface tempera-
ture at the end of the simulation and the initial radiative
imbalance (—1.36 K/=127 Wm 2 = 1.07 K/W m ?)
is very close to the equilibrium climate sensitivity of the
IPSL model deduced from CO, doubling experiments
(around 1.2 K/W m™?; Randall et al. 2007). Hence, the
surface cooling is consistent with the radiative perturba-
tion produced by albedo increase. In the case of simu-
lations EVA and RGH, the radiative imbalance only
reaches +0.02 and +0.04 W m ™2, respectively. Compar-
ing these values with the temperature response (0.24 K/
002Wm > = 12 K/W m ? and 029 K/0.04 Wm™> =
7.25 K/W m™?) does not reflect the actual climate sensi-
tivity of the model. This means that the surface tempera-
ture response to change in evapotranspiration efficiency
or surface roughness cannot be explained in terms of
a radiative perturbation. These results demonstrate that
the nature of the forcing owing to change in evapo-
transpiration efficiency or surface roughness is different
from a classical radiative forcing perturbation. Instead,
the climatic influence of these factors involves internal
redistribution of energy in the climate system.

These results have strong implications for application
of the radiative forcing concept. It has already been
stressed that quantifying the climatic impact of land
cover change through the radiative forcing framework
may be misleading, in particular because nonradiative
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effects of land cover change cannot be accounted for
within this concept (Pielke et al. 2002; NRC 2005; Davin
et al. 2007). However, the actual importance of non-
radiative effects has never been explicitly quantified.
Our experiments show that globally nonradiative effects
(evapotranspiration efficiency and surface roughness)
owing to complete deforestation warm the planet by
0.53 K (=0.24 + 0.29), thus offsetting by about 40% the
cooling induced by albedo increase (—1.36 K). This
implies that estimating the impact of land cover change
from the radiative forcing concept can lead to over-
estimate the global temperature response by almost a
factor of 2.

4. Conclusions

In this study we addressed the biogeophysical impact of
deforestation with a fully coupled land—ocean—atmosphere
GCM. We contrasted the climate of a maximally forested
earth with the climate resulting from the replacement of
forest by grass. Our experimental design allows us to
separate the respective roles of surface albedo, evapo-
transpiration efficiency, and surface roughness in shaping
the net biogeophysical effect of deforestation. Whereas
our main focus here was on the energy budget and sur-
face temperature, investigations of the response of the
hydrological cycle will be conducted in the future.

Increase in surface albedo owing to complete defores-
tation has a cooling effect on climate (—1.36 K globally).
On the other hand, forest removal decreases evapo-
transpiration efficiency and surface roughness, which
warms surface climate (respectively, by 0.24 and 0.29 K
globally). The magnitude of these different effects varies
regionally. The cooling effect due to albedo change is
stronger at high latitudes and affects both land and
ocean. Conversely, the warming effect from change in
evapotranspiration efficiency and surface roughness is
stronger at low latitudes and does not affect the oceans.

The net biogeophysical impact of deforestation results
from the competition between these effects. Globally,
the albedo effect is dominant and the net biogeophysical
impact of deforestation is a cooling of —1 K. This is
mainly because the albedo effect spreads over the ocean,
whereas the other effects do not. On continents, however,
the balance between the different processes changes with
latitude. In temperate and boreal zones of the Northern
Hemisphere the albedo effect is stronger and defores-
tation thus induces a cooling, as has already been no-
ticed in previous studies (e.g., Betts 2001; Bounoua et al.
2002). Conversely, in the tropics the net impact of
deforestation is a warming because evapotranspiration
efficiency and surface roughness provide the dominant
influence in these regions.
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This study also highlights the importance of the cou-
pling with the ocean. Up to now, most of our knowledge
concerning the impact of land cover change on climate
comes from atmospheric models not coupled to an ocean
model but instead assuming fixed oceanic conditions (e.g.,
Dickinson and Henderson-Sellers 1988; Nobre et al. 1991;
Bonan 1997; Lean and Rowntree 1997; Chase et al. 2000;
Gedney and Valdes 2000; Betts 2001; Bounoua et al.
2002; DeFries et al. 2002; Voldoire 2006). Implicitly, this
assumption was justified be the fact that the perturba-
tion owing to land cover change is applied to land and
not to the ocean. However, our experiments show that
taking into account the coupling with the ocean greatly
affect the simulated response to deforestation. First, we
noted that the ocean surface responds to deforestation
by a cooling. Second, even the temperature change over
land is strongly affected by the ocean coupling. By not
taking into account the coupling with the ocean we would
have concluded that the net effect of deforestation, av-
eraged over all land areas, is a warming. By accounting
for the ocean coupling, this net effect is of opposite sign.
We also further demonstrated that the main parameter
involved in the coupling with the ocean is surface al-
bedo. This is because change in albedo modifies tem-
perature and humidity in the whole troposphere, thus
enabling the initially land-confined perturbation to be
transferred to the ocean.

Finally, the results presented here give some insight
concerning the nature of the forcing owing to land cover
change. Supporting earlier hypothesis (Pielke et al. 2002;
NRC 2005; Davin et al. 2007), we showed that defores-
tation involves two opposite types of forcing mechanisms:
a radiative forcing (owing to surface albedo change) and
a nonradiative forcing (owing to change in evapotrans-
piration efficiency and surface roughness). We quantified
the relative importance of these opposite forcings in the
context of our complete deforestation experiments and
found that, globally, they are of similar magnitude. This
result highlights the limitation of the classical radiative
forcing framework in which equilibrium temperature
change is viewed as a response to a radiative forcing per-
turbation. Land cover change can also affect equilibrium
temperature through nonradiative processes. Historical
deforestation took place mostly in temperate regions, and
therefore radiative forcing was roughly acceptable in
quantifying its effect. Future deforestation, however, is
expected to take place in the tropics where nonradiative
effects are dominant. Hence, using the radiative forcing
framework in the context of future land cover change
may lead to a misrepresentation of its impact on climate.
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